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ABSTRACT 
 

Millennial Scale Impacts of Marine Biogenic Calcification Changes on Ocean 
Carbon Cycling 

 
Andrew Jason Pinsonneault 

 
 
Ocean acidification resulting from increasing anthropogenic carbon dioxide (CO2) 

emissions are likely to impact calcification rates in pelagic organisms which may, in turn, 

lead to changes in the strength of the ocean carbon sink.  However, the responses of 

pelagic calcifying organisms to acidification driven changes vary widely between 

species. This leads to a degree of uncertainty in predicting the future fate of 

anthropogenic CO2 and the resulting climate change. Here, I address this uncertainty by 

introducing a dependence of calcium carbonate (CaCO3) production on calcite saturation 

state (ΩCaCO3) in the University of Victoria Earth System Climate Model, an intermediate 

complexity coupled carbon-climate model. In a series of model simulations, I examine 

the changes in global ocean carbon cycling following both “business-as-usual” and 

“mitigation” CO2 emissions scenarios. By the year 3500, global CaCO3 production rates 

will have decreased by between 0.003 Pg C y-1 and 0.264 Pg C y-1 relative to the standard 

model configuration depending on the sensitivity of calcification rates to ΩCaCO3. This, in 

turn, would result in an atmospheric CO2 drawdown of 0.630 – 59.8 Pg C, a weakening 

of the vertical ocean alkalinity and DIC gradients, and a change to sediment and ocean 

carbon pools of 1.00 – 42.0 Pg C and 0.800 to 70.0 Pg C respectively. These results 

suggest that the response of pelagic calcifying organisms to anthropogenically-driven 

changes in ocean ΩCaCO3 can have an important influence on marine biological carbon 
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cycling, leading to changes in carbon partitioning between the ocean and atmosphere on 

millennial timescales.  
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Chapter 1. Introduction 

 

Increasing anthropogenic emissions of carbon dioxide (CO2) to the atmosphere, 

resulting primarily from fossil fuel combustion and deforestation, is one of the greatest 

challenges facing the modern world due to the significant environmental and socio-

economic impacts associated with the resulting changes in the global climate system. 

These changes include rising surface air temperatures (SAT) and ocean temperatures, 

changes to biogeochemical cycling of elements such as carbon, and modified ecosystem 

functioning which can have significant deleterious effects on ecosystem services, 

biodiversity, and trophic structures. Therefore, it is essential to accurately understand and 

thus predict the impacts of rising atmospheric CO2 concentrations ([CO2]atm) on existing 

carbon sinks, which currently absorb more than half of anthropogenic CO2 emissions (Le 

Quéré et al., 2009). The world oceans represent the largest reservoir of carbon that is 

exchanged with the atmosphere in the form of CO2 on millennial timescales (Zondervan 

et al., 2001); understanding the sensitivity of this carbon sink to continued CO2 emissions 

is critical in order to predict the fate of future [CO2]atm and the extent of future climate 

change. 

 

CO2 is exchanged between the atmosphere and ocean at a rate of approximately 

90 gigatonnes of carbon per year (Gt C yr-1) (Falkowski et al., 2000), due to differences 

in the partial pressure of CO2 (pCO2) across the air-sea interface. As such, there are 

important feedbacks and interactions between changes in global climate, atmospheric 

chemistry and changes in the state of the ocean which can impact the strength of the 
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ocean as a carbon sink and, consequently, the rate and magnitude of global climate 

change (Hofmann & Schellnhuber, 2009; Secretariat of the Convention on Biological 

Diversity, 2009; hereafter SCBD, 2009). One such change in ocean state, which is an 

issue of growing concern in the scientific community, is that of ocean acidification due to 

the uptake of anthropogenic CO2 (Denman et al., 2007). The measure used to define the 

intensity of the acidity of a solution is pH, which is defined as the log of the hydrogen ion 

concentration in solution (SCBD, 2009).  Currently, on a scale of 0 to 14 where a pH < 7 

is acidic, a pH = 7 is neutral, and a pH > 7 is basic, seawater has a pH of approximately 8 

which is ~30% more acidic than preindustrial levels 250 years ago. It has been predicted 

that should [CO2]atm increase by 0.5% - 1.0% per year throughout the 21st century, ocean 

acidity could increase by as much as 150% by 2100; this increase would occur 100 times 

faster than any change in ocean pH over the last 20 million years (SCBD, 2009).  

 

As seen in Figure 1.1, the oceans regulate [CO2]atm via two mechanisms: the 

solubility pump and two biological pumps: the organic carbon pump and the calcium 

carbonate (CaCO3) counter-pump.  
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Figure 1.1 - The three main ocean carbon pumps governing atmospheric CO2 regulation (Denman et al., 
2007, p. 530) 

 

The solubility pump reflects the temperature dependence of the solubility of gaseous CO2 

in seawater (whereby CO2 solubility increases with decreasing temperature) and the 

thermal stratification of the ocean (Ito & Follows, 2003). The organic carbon pump is 

driven by the primary production of marine phytoplankton in the euphotic zone, which 

converts dissolved inorganic carbon (DIC) and nutrients into particulate organic matter 

through photosynthesis: 

 

 6CO2 + 6H2O + Energy -> C6H12O6 + 6O2   (1) 

 

This particulate organic matter (e.g. in the form of detritus) is eventually exported from 

the surface euphotic zone to the deeper ocean.  
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The CaCO3 counter-pump reflects changes in the release of surface water CO2 

during the formation of calcareous skeletons by calcifying marine life such as 

phytoplankton, molluscs, and corals, a process known as biogenic calcification. Biogenic 

calcification rates in turn depend (among other things) on the carbonate saturation state of 

the ocean, defined as: 

 

Ω = [Ca2+]*[CO3
2-]/K*sp     (2) 

 

Here, [Ca2+] and [CO3
2-] are the concentration of calcium and carbonate ions in seawater, 

and K*sp, which is dependent on temperature, pressure and salinity, is the stoichiometric 

solubility product for CaCO3 (Mucci, 1983). Consequently, changes to surface ocean 

chemistry, such as the effect of ocean acidification on the availability of carbonate ions, 

or the effect of sea surface temperatures on solubility products and acid dissociation 

constants, have the potential to alter the carbonate saturation state (ΩCaCO3) (Sarmiento & 

Gruber, 2006; SCBD, 2009; Takahashi et al., 1993). This, in turn, will affect biogenic 

calcification rates, and hence could alter the strength of the ocean carbon sink (Raven & 

Falkowski, 1999; SCBD, 2009). However, the calcification response to acidification and 

changes in ΩCaCO3 varies widely between different species of calcifiers, which introduces 

a key uncertainty in future predictions of marine carbon cycling and climate change 

(Ridgwell et al., 2006; Ilyina et al., 2009). 

 

CaCO3-rich coastal and deep-sea sediments are also fundamental in regulating 

[CO2]atm. This occurs because organic and inorganic carbon deposited to the marine 
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sediments by the biological carbon pumps is very responsive to changes in the overlying 

ocean chemistry (Ridgwell & Hargreaves, 2007). For example, ocean acidification can 

cause CaCO3-rich sediments to dissolve, thereby altering both the oceans’ capacity to 

buffer changes in ocean pH and promoting atmospheric CO2 uptake (Gehlen et al., 2007). 

This change in deep-sea sediments occurs on a millennial timescale because the 

meridional overturning circulation, whereby surface water sinks to the deep ocean, 

circulates at depth, and is eventually returned to the surface, operates on a timescale of 

about 1000 years (SCBD, 2009). By comparison, marine coastal sediments are a more 

rapidly reacting CaCO3-reservoir in comparison to the deep-sea sediments because they 

occur in more shallow waters and the dominant forms of CaCO3 that are deposited in 

these regions have a higher solubility than those found in deep-sea sediments (Morse et 

al., 2006). Consequently, in order to reduce uncertainty about the fate of future 

atmospheric CO2 and climate change, marine sediment interactions must be considered in 

long-term predictions.   
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1.1 Purpose of Study 

The purpose of this study is to expand on the work conducted by Ridgwell et al. 

(2006), Ilynia et al. (2009), and Gangsto et al. (2011) by: 

 

1) Incorporating a CaCO3 production rate dependence on ocean CaCO3 saturation 

state into an intermediate complexity climate model.  

 

2) Exploring a range of calcification responses, reflecting experimental uncertainty 

in the biogenic calcification response to increasing ocean carbon uptake.  

 

3) Assessing the resulting impact on the magnitude and direction of future marine 

carbon-climate feedbacks on millennial timescales. 

 

The climate model used in this study is the University of Victoria Earth System 

Climate Model (UVic ESCM) version 2.9 – which consists of a climate model coupled 

with a number of sub-component models including a primitive equation three-

dimensional ocean general circulation model, models of the marine organic and inorganic 

carbon cycles, and a marine sediment model component. Despite their having different 

solubilities and reaction kinetics, the UVic ESCM does not differentiate between the 

different polymorphs of CaCO3, such as calcite or aragonite, therefore no such distinction 

shall be made in this study.  
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1.2 Research Question 

How will adding a dependence of the CaCO3 production rate on ocean calcite 

saturation state impact millennial scale model projections of the effects of ocean 

acidification on marine carbon cycling and the fate of anthropogenic CO2 under a range 

of CO2 emission scenarios and biogenic calcification responses? 
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Chapter 2. Literature Review 

2.1 Marine Carbon Cycle 

 Much research has been conducted on marine carbon chemistry in order to 

improve our understanding of global carbon cycling resulting in a number of reviews and 

syntheses of the literature. For example, it is known that where cold and dense water 

masses sink into the deep ocean basins at high latitudes they entrain anthropogenic CO2 

at depth because the solubility of atmospheric CO2 in seawater increases with decreasing 

water temperature.  When atmospheric CO2 is dissolved in seawater it dissociates into 

several species of dissolved inorganic carbon (DIC) which includes bicarbonate ion 

(HCO3
-), carbonate ion (CO3

2-), and aqueous CO2 (CO2(aq)) in an approximate ratio of 

90:9:1 (Figure 2.1). DIC accumulates in the surface waters before being circulated to the 

deep ocean and back up again over the space of hundreds to a thousand years (Doney et 

al., 2009; SCBD, 2009).  

 

 

Figure 2.1 – The reaction between CO2 and seawater (derived from Doney et al., 2009) 
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As these bottom waters circulate from the Atlantic to the Indian and Pacific oceans they 

accumulate more DIC from metabolic degradation of organic carbon on the sea floor. The 

solubility pump is responsible for approximately 20% of the vertical ocean DIC gradient 

where the DIC concentration ([DIC]) is 10-15% higher in deep waters than at the surface 

(Sarmiento & Gruber, 2006; SCBD, 2009).  It is the relative proportion of each of these 

DIC species that govern seawater pH on short timescales.  

 

The total alkalinity (ALK) of seawater is defined by Department of Energy (1994) 

as: 

 

ALK = [HCO3
-] + 2[CO3

2-] + [OH-] + [B(OH)4
-] + [HPO4

2-] + 2[PO4
3-]  (3) 

 + [H3SiO4
-] + [NH3] + [HS-] - [H+] - [HSO4

-] - [HF] - [H3PO4] 
  

where [OH-] is the hydroxide ion concentration (ccn), [B(OH)4
-] is the ccn of 

tetrahydroxyborate ion, [HPO4
2-] is the ccn of hydrogen phosphate ion, [PO4

3-] is the ccn 

of phosphate ion, [H3SiO4
-] is the ccn of silicic acid, [NH3] is the ccn of ammonia, [HS-] 

is the ccn of hydrogen sulfide ion, [H+] is the ccn of free hydrogen ion, [HSO4
-] is the ccn 

of hydrogen sulfate ion, [HF] is the ccn of hydrogen fluoride, and [H3PO4] is the ccn of   

phosphoric acid. When the [H+] in seawater increases through processes like 

anthropogenic ocean acidification, ions such as CO3
2-, B(OH)4

-, and OH- act as proton 

acceptors thereby buffering the ocean system to a certain extent against changes in pH 

(Denman et al., 2007). The buffer factor, or Revelle factor , of seawater (Equation 4), 

relates the fractional change in seawater pCO2 to the fractional change in seawater DIC 
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after re-equilibration (Denman et al. 2007; Revelle & Suess, 1957; Sabine et al., 2004; 

Zeebe & Wolf-Gladrow, 2001).  

 

Revelle Factor = (Δ[CO2]/[CO2]) / (Δ[DIC]/[DIC])  (4) 

 

The value of the Revelle factor is proportional to the ratio of DIC:total alkalinity in the 

surface ocean and the capacity of the ocean to uptake anthropogenic CO2 is inversely 

proportional to the Revelle factor (Sabine et al., 2004).  Consequently, increases in [H+] 

from ocean acidification lead to an increase in the DIC:alkalinity ratio which results in an 

increase in both the Revelle factor and oceanic pCO2 (Figure 2.2). This increase in 

oceanic pCO2, in turn, results in a reduced ability of the ocean to uptake anthropogenic 

atmospheric CO2. 
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Figure 2.2 – The Revelle factor as a function of the CO2 partial pressure for temperature 25°C, salinity 35 
psu, and total alkalinity 2300 μmol kg-1 (Zeebe & Wolf-Gladrow, 2001, p.73) 

 

It is important to note that increasing sea-surface temperature due to atmospheric 

CO2-driven climate change stands to not only decrease the solubility of CO2 in seawater 

but also to increase vertical ocean stratification thereby slowing down the vertical 

transport of DIC, nutrients, and alkalinity. This could significantly impact the ocean’s 

capacity to uptake atmospheric carbon thus illustrating the importance of ocean chemistry 

in climate change research (SCBD, 2009). 

 

 According to the SCBD (2009), the organic carbon pump is estimated to 

contribute approximately 80% of the vertical ocean DIC gradient making this pump an 

integral part of the marine carbon cycle. In the organic carbon pump, photosynthetically-

driven carbon uptake by phytoplankton in the euphotic zone fuels the export of 
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particulate organic carbon (POC), in the form of detritus, from the surface to the deeper 

waters. Approximately 30% of this POC reaches deeper waters but most of it is 

remineralized back into inorganic carbon in the water column by bacteria, thereby 

contributing to the vertical DIC gradient, and only 0.1% of the POC actually reaches 

ocean sediments where it accumulates. POC fluxes decrease rapidly in the ocean 

thermocline (Sarmiento & Gruber, 2006) therefore the lower boundary of the thermocline 

marks the locus of the POC remineralization horizon.    

 

 The carbonate counter-pump is primarily responsible for the vertical ocean 

alkalinity gradient, though it also makes a very minor contribution to the vertical DIC 

gradient. This pump is driven by calcium carbonate (CaCO3) precipitation (calcification) 

and dissolution. One way of representing the mechanism of calcification is presented in 

Equation 5:   

 

Ca2+ +2HCO3
-  <->   CaCO3 + H2O + CO2(aq)    (5) 

 

The precipitation of CaCO3 results in an acidification of the solution through the release 

of a small amount of CO2 (aq) which, in turn, increases sea surface pCO2 (and the 

Revelle factor) and decreases the capacity of the upper ocean to uptake atmospheric CO2. 

Conversely, as illustrated in Figure 2.1, increased uptake of atmospheric CO2 would 

result in an increase in hydrogen ions (H+) leading to reduced sea surface [CO3
2-] through 

the formation of HCO3
- impacting phytoplankton, shellfish, and coral calcification 

(Barker et al., 2003; Doney et al., 2009; Gehlen et al., 2007; Hofmann & Schellnhuber, 
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2009; SCBD, 2009; Turley et al., 2006; Tyrrell, 2008; Zondervan et al., 2001). A 

reduction in biogenic calcification results in a greater increase in sea surface alkalinity 

than DIC which decreases both the Revelle factor and sea surface pCO2 ultimately 

increasing the capacity of the ocean to uptake atmospheric CO2. In other words, ocean 

acidification and reduced calcification have opposite effects on ocean CO2 uptake 

capacity. 

 

CaCO3 exists in two primary forms: calcite, a form produced by calcifying 

phytoplankton such as coccolithophores and calcifying zooplankton such as foraminifera; 

and aragonite which is approximately 50% more soluble than calcite and is produced by 

mollusks and corals. Both coccolithophores and foraminifera have worldwide 

distributions though coccolithophores prefer warm, low-productivity areas so they are not 

a major component of marine phytoplankton in polar oceans (Dimiza et al., 2011). Both 

coccolithophores and foraminifera use HCO3
- as the substrate for calcification though 

foraminifera are also known to use [CO3
-] as a secondary substrate (Kuile et al., 1989; 

Sarmiento & Gruber, 2006).  

 

When sea surface calcifiers die, their calcite skeletons are exported out of the 

surface ocean layer into the deep ocean as particulate inorganic carbon (PIC). The 

solubility of CaCO3 increases with decreasing temperature and more so with increasing 

pressure, therefore, approximately half the CaCO3 exported from the surface ocean 

dissolves within the water column and never reaches the sediments (Sarmiento & Gruber, 

2006). This change in solubility with depth results in a saturation horizon (ΩCaCO3 = 1), 
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above which the water is saturated with CaCO3 (favouring CaCO3 formation) and below 

which the water is undersaturated with CaCO3 (favouring its dissolution). Changes in the 

locus of the CaCO3 saturation horizon also leads to changes in the locus of the CaCO3 

lysocline. The lysocline is defined as the depth below which the rate of CaCO3 

dissolution in marine sediments increases rapidly and its depth is broadly consistent with 

the depth of the saturation horizon. (Sarmiento & Gruber, 2006; Zeebe & Westbrock, 

2003). The locus of the saturation horizon and lysocline depends on the nature of the 

CaCO3 polymorph with both occurring at shallower depths for aragonite than calcite. 

 

Waters are supersaturated with respect to CaCO3 at ΩCaCO3 ≥1, while they are 

undersaturated with respect to CaCO3 at ΩCaCO3<1. At ΩCaCO3 ≥1, decreases in ΩCaCO3 

nevertheless impacts calcification rates while at ΩCaCO3<1, the seawater becomes 

corrosive and the shells and skeletons of calcifying organisms are increasingly prone to 

dissolution causing growing concern for the future of calcifying marine life should the 

trends in anthropogenic CO2 emissions continue (Barker et al., 2003; Doney, 2009; 

Doney et al., 2009; Feely et al., 1988; Riebesell et al., 2000; SCBD, 2009; Zondervan et 

al., 2001). At a fixed [DIC], a decrease in pH decreases the carbonate ions concentration 

and leads to a shoaling of the CaCO3 saturation horizon and lysocline towards the surface 

resulting in a decrease in the volume of waters saturated with respect to CaCO3, and an 

increase in the volume of waters undersaturated with respect to CaCO3. This leads to 

increased dissolution of CaCO3 in sediments that are located below the new lysocline. 

Carbonate compensation, a process which becomes significant on timescales of 5000-14 

000 years, results in the eventual re-establishment of a new alkalinity equilibrium 
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between sediment carbonate burial and the terrestrial alkalinity input from weathering 

through a shifting in the locus of the carbonate compensation depth (CCD). The 

carbonate compensation depth is defined as the depth where the sediments have virtually 

lost all their CaCO3 due to dissolution (Sarmiento & Gruber, 2006; Sundquist, 1986; 

Archer et al., 1997, 1998, Zeebe & Westbrock, 2003; Ridgwell & Hargreaves, 2007; 

Tyrrell, 2008). Studies have observed that changes to ΩCaCO3 have a profound effect on 

species-specific calcification rates and, consequently, on marine carbon uptake and future 

climate change thus making it critical to reduce uncertainty regarding calcification 

responses to anthropogenic perturbation (SCBD, 2009). 

 

2.2 Ocean Acidification 

 In 2008, 155 scientists from 26 countries signed the Monaco Declaration, which 

urged world leaders to take immediate and urgent action to mitigate the effects of ocean 

acidification, and warned of the high costs of inaction for the continued provision of 

ocean goods and services (Monaco Declaration, 2008; SCBD, 2009). In 2009, a statement 

released by the Inter-Academy Panel on International Issues called for ocean acidification 

to be considered in the international climate debate and further recommending a 50% 

reduction in global CO2 emissions by 2050 to stabilize acidification below critical limits 

(Inter-Academy Panel on International Issues, 2009; SCBD, 2009).  Predictions of future 

reductions in ocean pH range from 0.3 – 0.5 by 2100 following any of the 

Intergovernmental Panel on Climate Change (IPCC) CO2 emissions scenarios and 0.8 and 

1.4 by 2300 following cumulative emissions of 5000 and 20 000 PgC respectively 

(Caldeira & Wickett, 2005). Predictions of such dangerous levels of acidification in the 
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next 100-300 years make it all the more critical for society to adequately and quickly plan 

for both the most probable and worst-case scenarios of ocean acidification and warming. 

 

2.3 Phytoplankton Physiological Response 

With the biogenic calcification response to anthropogenic perturbation being so 

uncertain, a number of laboratory and macrocosm studies have been conducted. Doney 

(2009) and Doney et al. (2009) conducted a review of such studies, which addressed the 

physiological responses of major marine life groups to ocean acidification. More 

specifically, these studies examined the calcification response of coccolithophores, 

foraminifera, mollusks, echinoderms, tropical corals, and coraline red algae, the 

photosynthesis response of coccolithophores, prokaryotes and sea grasses, and the 

reproduction response of mollusks and echinoderms. According to the results synthesized 

by Doney (2009) and Doney et al. (2009), a vast majority of species exhibited a negative 

calcification response, a positive photosynthetic response, and a negative reproductive 

response to ocean acidification. Nevertheless, it should be noted that among the few 

species of coccolithophores that did not exhibit a negative calcification response to 

acidification, a positive response, no response, and a non-linear parabolic response were 

observed suggesting substantial inter-species and strain variability (Figure 2.3).  
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Figure 2.3 – Representative examples of impacts of ocean acidification on major groups of marine biota 
derived from experimental manipulation studies. (Doney et al., 2009, p.176) 

 

To provide a quantitative example, Riebesell et al. (2000) chose to specifically examine 

the calcification response to acidification of coccolithophores because >80% of marine 

biogenic calcification is carried out by planktonic microorganisms, particularly 

coccolithophores. They conducted a laboratory experiment using two species of 

coccolithophore, Emiliania huxleyi and Gephyrocapsa oceanica, which are bloom 

forming and have worldwide distributions. Their results suggest that E. huxleyi and G. 

oceanica experience an increase in photosynthetic carbon fixation of 8.5% and 18.6% 
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respectively and a decrease in calcification of 15.7% and 44.7% respectively in response 

to changes in pH mimicking carbonate system responses to an atmospheric pCO2 of 280 

and 750 ppmv. The difference in the magnitude of the calcification response between E. 

huxleyi and G. oceanica further illustrates the uncertainty in coccolithophore calcification 

response to an increase in acidification. 

 

2.4 Modeling of Biogenic CaCO3 Production 

Ocean acidification and its impact on marine carbonate chemistry has been a 

concern for many years and so there have been a number of modeling studies who set out 

to predict how rising atmospheric CO2 and biogenic CaCO3 production will interact in 

the future. The modern global CaCO3 production rate is estimated at approximately 1 Pg 

C y-1 (Zondervan et al., 2001; Barker et al. 2003; Gangsto et al., 2011). Nevertheless, 

there are large uncertainties in this estimate and values range from 0.6-1.6 Pg C y-1 based 

on satellite and sediment-trap data and 0.4-1.8 Pg C y-1 based on model simulations 

(Doney et al., 2009).  

 

Estimates of the reduction in biogenic CaCO3 production in response to 

increasing atmospheric CO2 has equally large uncertainties and varies widely between 

studies. Using the HAMOCC ocean model and ignoring the effects of climate change and 

ocean circulation, Heinze (2004) determined that between 1750 and 2250, biogenic 

CaCO3 export production would decrease by approximately 50% following the 

Intergovernmental Panel on Climate Change (IPCC) A1B CO2 emissions scenario up to 

the year 2100 and constant CO2 emissions afterwards. This reduction in biogenic CaCO3 
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production also resulted in a considerable shoaling of the organic carbon remineralization 

horizon. Andersson et al. (2006) used two basic biogeochemical box models following a 

“buisiness-as-usual” CO2 emissions scenario and results suggested that, between 1700 

and 2300, ocean acidification in conjunction with climate warming would reduce 

biogenic calcification by as much as 90%.  

 

Gangsto et al. (2008) and Gehlen et al. (2007) both used the PISCES intermediate 

complexity model in their studies. Gangsto et al. (2008) used the IPCC SRES A2 CO2 

emissions scenario and predicted that, between 1861 and 2100, global biogenic CaCO3 

production would decrease by 19% while Gehlen et al. (2007) increased [CO2]atm by 1% 

yr-1 over a 140-year time period and predicted that biogenic CaCO3 production would 

decrease by 27% . This variation in the predicted reduction of biogenic CaCO3 

production illustrates the sensitivity of changes in biogenic CaCO3 production to the 

atmospheric CO2 emission trajectory employed as well as the complexity of the model 

used. These studies, however, were all conducted on centennial scales and therefore do 

not ultimately address carbon-climate feedbacks on the millennial timescale of the 

meridional overturning circulation.  

 

2.5 Carbon Fluxes 

 Due to the export of both inorganic carbon and organic matter from the surface 

layer to the deeper ocean as well as large-scale ocean circulation, anthropogenic CO2 

perturbation of the surface layer has impacts on marine chemistry at depth. Changes to 

surface ocean photosynthesis and biogenic CaCO3 production leads to changes in the flux 
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of both POC and particulate inorganic carbon (PIC) respectively which, in turn, strongly 

influence the vertical distribution of ocean DIC and alkalinity. This export ratio of POC 

as detritus and PIC as CaCO3 is known as the rain ratio (Barker et al., 2003). The actual 

ratio of PIC:POC from the surface region, however, is uncertain and estimates range from 

0.17 to 0.4 (Wolf-Gladrow et al., 1999;  Zondervan et al, 2001).  

 

Two hypotheses exist in the literature regarding how the rain ratio may change in 

response to climate-driven changes to ocean biogeochemistry. The first is that 

acidification/warming driven changes will decrease the PIC:POC rain ratio due to 

increased photosynthetic carbon uptake and decreased biogenic calcification, resulting in 

greater POC and reduced PIC export to the deep ocean respectively (Feely et al., 2004; 

Orr et al., 2005; Riebesell et al., 2007; Wolf-Gladrow et al., 1999; Zondervan et al., 

2001). For example, the results from a modeling study conducted by Barker et al. (2003) 

suggested that, if the rain ratio is allowed to change, a reduction in calcification leads to 

an increase in surface-ocean alkalinity which, in turn, acts as a negative feedback on 

rising atmospheric CO2; in this case a reduction in [CO2]atm of 5%. Zondervan et al., 2001 

took a slightly different approach and examined the rain ratio response on a species level 

using the coccolithophore species E. huxleyi and G. oceanica. Results of their laboratory 

study suggested that POC production increased and PIC production decreased for both 

species in response to acidification resulting in a decrease in PIC:POC of 21% - 31.5% 

for E. huxleyi and 44.7 - 52.5% for G. oceanica following different light treatments.  
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The second hypothesis is the ballast hypothesis, which suggests that most POC 

sinking below 1000m is ballasted by inorganic minerals such as opaline silica, lithogenic 

dust, and most especially PIC in the form of CaCO3. In other words, at depth the fluxes of 

PIC and POC are suggested to be intimately related resulting in an asymptotic 

convergence so that changes in one would be mirrored in the other. This grants a high 

degree of predictive power to ballast mineral fluxes so that they can be used to predict 

POC fluxes at depths greater than 1000m. (Armstrong et al., 2002; Armstrong et al., 

2009; Barker et al. 2003; De La Rocha & Passow, 2007; Doney et al., 2009; Hofmann & 

Schellnhuber, 2009; Klass & Archer 2002; SCBD, 2009; Zondervan et al., 2001). The 

mechanisms thought to be responsible for this include ballast minerals providing 

protection from remineralization to a fraction of POC exported from the surface layer to 

the deep ocean and that this fraction of POC acts as a “glue” for the sinking particle of 

PIC-POC thereby increasing its density and, consequently, it’s sinking speed. The 

protected fraction of POC in a sinking particle will only be subject to remineralization 

when (and if) the protecting PIC fraction dissolves (Armstrong et al., 2009). Ultimately, 

mineral ballasting increases the efficiency of the organic carbon pump. When Barker et 

al. (2003) included mineral ballasting in their modeling study, the ballast effect partially 

counteracted the increases in ocean uptake capacity caused by the reduction in 

calcification, enough to increase the fraction of CO2 present in the atmosphere and 

surface ocean by 3 ppm and 3 µmol kg-1 respectively.  This occurred because the 

simulated decrease in CaCO3 export from the surface to the deep ocean resulted in a 

shoaling of the simulated POC remineralization horizon so that [DIC] in the surface and 

intermediate ocean increased thereby increasing the Revelle factor and ultimately acting 
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as a positive feedback on increasing [CO2]atm. Similar results were presented by Hofmann 

& Schellnhuber, (2009) who included mineral ballasting in their modeling study and 

predicted a lesser negative calcification feedback on increasing atmospheric CO2 by 

approximately 60%. 

 

2.6 Marine Sediments & Saturation State 

 Although shallow coastal-water carbonate sediments are a fast reacting carbon 

reservoir by comparison, deep-sea carbonate sediments can be viewed as a slow reacting 

carbon reservoir both connected to and interacting with the atmosphere over multiple 

turnover cycles of the meridional overturning circulation (Gehlen et al., 2008; Morse et 

al., 2006). Ridgwell & Hargreaves (2007) estimated that the average global burial rate of 

CaCO3 in sediments was 0.121 PgC yr-1, in good agreement with recent global carbonate 

budget estimates of 0.1-0.14 PgC yr-1 (Feely et al., 2004). They also estimated the mean 

surface sediment CaCO3 content to be 32.5 % by weight, in agreement with both the 31.1 

% by weight estimate by Eby et al. (2009) and observational estimates of 34.8 % by 

weight (Ridgwell & Hargreaves, 2007). Furthermore, Ridgwell & Hargreaves (2007) 

demonstrated the importance of the inclusion of ocean sediment interactions in 

predictions of future climate change and the fate of future anthropogenic CO2 by showing 

that an additional 12 % of CO2 emissions (223 ppm) were sequestered in the ocean as a 

result of reaction with deep-sea carbonate sediments on a timescale of 1.7 Kyrs, a shorter 

timescale than previously predicted for ocean sediment interactions. 
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For marine sediments in contact with overlying waters where the ΩCaCO3 ≥1, 

CaCO3 dissolution in these sediments is induced by the release of CO2 (aq) into the 

sediment pore waters as a result of organic matter respiration; a process called metabolic 

dissolution. For sediments in contact with overlying waters where the ΩCaCO3 <1, both the 

corrosiveness of the CaCO3 undersaturated bottom waters as well as metabolic 

dissolution drive the dissolution of sediment CaCO3 (Archer & Maier-Reimer, 1994; 

Gehlen et al., 2008). As such, water masses become increasingly enriched in metabolic 

CO2 (aq) as they flow along the path of the meridional overturning circulation (MOC) 

(Figure 2.4) (Gehlen et al., 2008). It is important to note here, however, that there is still 

a degree of mixing between water masses travelling along the path of the MOC and that 

these water masses are not as discreet as they appear in Figure 2.4. 

 
Figure 2.4 – Schematic of the meridional overturning circulation indicating warm surface waters (red), 

cold deep waters (blue), and deep water formation (yellow circles) (Rahmstorf, 2002, p. 208) 

 

The youngest and least corrosive waters that were most recently in contact with the 

atmosphere are located in the Atlantic Ocean while the oldest and most corrosive waters, 
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which have slowly accumulated respired CO2 (aq), are found in the Pacific Ocean (Zeebe 

& Zachos, 2007). Therefore, it logically follows that the regional CaCO3 saturation state 

of the ocean is not uniform across the globe. Rather, the calcite lysocline is situated at 

400 m, 2300 m, and 4200 m in the Pacific, Indian, and Atlantic Oceans respectively 

while aragonite lysocline is situated at 400 m, 1000 m and 3200 m in the Pacific, Indian, 

and Atlantic Oceans respectively (Gangsto et al., 2008). Consequently, the relative area 

of the sea floor covered by CaCO3-rich sediments is greater the North Atlantic and much 

smaller in the North Pacific thus showing a heterogeneous global spatial distribution 

(Gehlen et al., 2008).  

 

 Between the preindustrial era and current day, the calcite saturation horizon has 

already shoaled by 40-100m N of 20°N in the North Pacific (Feely et al., 2004). 

Consequently, numerous modeling studies have attempted to predict future changes in 

ocean saturation state and sediment dissolution. Using a box model, Andersson et al. 

(2006) predicted that the global average saturation state with respect to calcite would 

decrease by 73% by the year 2300 following a “business-as-usual” CO2 emissions 

scenario while dissolution of carbonate minerals would increase by 267%. Using a 

similar model, Lenton & Britton (2006) predicted that changes in saturation state caused 

by cumulative anthropogenic CO2 emissions ≥ 7350 GtC would dissolve all CaCO3 in 

ocean sediments. This is broadly consistent with results from sediment core samples that 

suggest that >>2000 Pg C was dissolved in the ocean during the Paleocene-Eocene 

Thermal Maximum (PETM) resulting in a shoaling of the carbonate compensation depth 

of >2 Km and widespread dissolution of CaCO3 in ocean sediments in only a few 
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thousand years (Zachos et al., 2005). However, ≥ 7350 GtC in cumulative anthropogenic 

CO2 emissions exceeds even the increase in atmospheric carbon during the PETM and is 

emitted on a shorter timescale than the millennial-scale mixing time of the ocean 

suggesting that such emissions would result in even greater impacts on marine biota and 

ocean carbonate chemistry. 

 

Orr et al. (2005) also used a “business-as-usual” CO2 emissions scenario but, 

instead of using a box model, they used 13 uncoupled ocean models. Their results 

predicted that if atmospheric pCO2 exceeded 600 ppm, reached at approximately year 

2100, most of the southern oceans would become undersaturated with respect to 

aragonite with the saturation horizon shoaling from 730m to the surface, while in the 

North Atlantic above 50° the saturation horizon would shoal from 2600m to 115m . Less 

pronounced changes in the calcite saturation state were observed, however, with the 

saturation horizon remaining below 2200m. A number of studies have also been 

conducted using more advanced intermediate complexity coupled carbon-climate models 

and there is agreement that should atmospheric pCO2 exceed 650 ppm most of the 

southern ocean would become undersaturated with respect to aragonite although even a 

modest stabilization of anthropogenic CO2 emissions at 450 ppm would still result in 

enough of a shoaling of the saturation horizons that most of the deep ocean would 

become undersaturated with respect to both forms of CaCO3 (Caldeira & Wickett, 2005; 

Cao et al., 2007; Cao & Caldeira, 2008). This is also supported by Gehlen et al. (2008) 

who predicted that with an increase in atmospheric pCO2 from 286 ppm to 1144 ppm 

over 140 years, the total area of seafloor bathed by undersaturated bottom waters would 
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increase by 58%. With such drastic predicted changes in saturation state and sediment 

interactions on a centennial scale it follows that ocean biology, sediment, and terrestrial 

weathering responses to anthropogenic CO2 perturbation remain even more uncertain on 

a millennial timescale (Eby et al., 2009). 

 

2.7 Climate Change  

With marine carbon cycling and climate change being so intimately related, 

quantifying the extent and magnitude of their interaction is critical. Modeling studies 

agree that future climate change will result in increased sea surface temperature (SST) 

and ocean stratification (Cao et al., 2007; Chuck et al., 2005; Orr et al., 2005; Ridgwell 

& Hargreaves, 2007, Riebesell et al., 2007; SCBD, 2009; Tyrell, 2008). Sea surface 

temperature affects ocean carbonate chemistry because the CaCO3 solubility product, 

K*sp, and dissociation constants for carbonic acid, K’1 for carbonic acid to bicarbonate 

and K’2 for bicarbonate to carbonate respectively, all vary with temperature (Sarmiento & 

Gruber, 2006; SCBD, 2009; Takahashi et al., 1993) thus affecting ΩCaCO3, sediment 

interactions, and biogenic calcification. In addition, sea surface temperature governs the 

solubility of atmospheric CO2 in seawater (Cao et al., 2007; Matthews et al., 2009). 

Increases in sea surface temperature resulting from global warming may prolong 

phytoplankton growing seasons and open up new phytoplankton habitats (Tyrell, 2008). 

Increased ocean stratification, however, stands to decrease the availability of surface 

nutrients brought up from the deep-ocean thus having a negative impact on surface net 

primary productivity (NPP) by weakening ocean overturning circulation (Riebesell et al., 

2007). Cao et al. (2007), however, determined that the effects of climate warming on 
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ocean carbon cycling were small compared with the direct effect of elevated CO2 with 

climate warming resulting in an additional decrease in pH of 0.01 and 0.04 and a 

decrease in Ωaragonite of 0.11 and 0.23 using climate sensitivities of 2.5° and 4.5° 

respectively and following an atmospheric pCO2 stabilization at 1000 ppm.  

 

Although it has been suggested that climate warming has only a small direct 

impact on ocean pH and saturation state, secondary impacts cannot be ignored. For 

example, Lenton & Britton (2006) have suggested that increased terrestrial weathering of 

carbonate and silicate minerals, on scales of 103 – 104 years and 104 – 106 years 

respectively, would increase alkalinity input into the ocean thereby decreasing the 

seawater Revelle factor via a shift in the seawater ratio of DIC:ALK and, consequently, 

accelerating long-term CO2 uptake by a factor of 1.5 – 2.5 times with anthropogenic CO2 

emissions between 1100-4000 GtC and by a factor of 4 for emissions exceeding 7350 

GtC. Schmittner et al. (2008) further outlined the importance of climate change by 

predicting an increasing contribution of ocean-carbon cycle feedbacks to changes in 

biological carbon cycling over time with 24% and 38% of changes in biological carbon 

cycling resulting from climate-driven feedbacks by the years 2300 and 3000 respectively 

following a “business-as-usual” CO2 emissions scenario. It should be noted, however, 

that Schmittner et al. (2008) did not account for the impacts of ocean acidification on 

carbon-climate feedbacks and the authors stress that the effect of ocean acidification on 

carbon-climate feedbacks on greater than century timescales remains to be quantified. 
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2.8 Calcification Response Scenarios 

Three studies have previously attempted to address the uncertainty in biogenic 

calcification response to anthropogenically driven ocean acidification.  Using the 

intermediate complexity coupled carbon-climate model GENIE-1 and Zhong & Mucci 

(1993)’s mathematical description of the inorganic precipitation of carbonate, Ridgwell et 

al. (2006) conducted a suite of model simulations to estimate the relative change in 

CaCO3 production in response to acidification for five phytoplankton species, corals, and 

a mixed assemblage of these calcifiers. Assuming that existing conventional fossil fuel 

reserves, estimated at 4000 PgC, would be used up by the early 24th century, Ridgwell et 

al. (2006) predicted that there would be a substantial reduction in marine carbonate 

production and an increase in ocean CO2 sequestration of 62-199 PgC by the year 3000. 

In terms of carbon-climate feedbacks, Ridgwell et al. (2006) found that increased ocean 

surface temperature and increased stratification together actually enhanced sequestration 

of atmospheric CO2 resulting from reduced biogenic calcification by up to one third. 

However, it should be noted that Ridgwell et al. (2006) did not account for CaCO3 

sediment interactions in quantifying the CO2-calcification feedback, thus neglecting an 

important component of marine carbon cycling on millennial scales. 

 

The second study was conducted by Ilynia et al. (2009) who, using the HAMOCC 

ocean general circulation model driven by the IPCC IS92a CO2 emissions scenario, 

examined the effects of changes in CaCO3 production between the years 1800 and 2300 

on ocean alkalinity through multiple calcification scenarios. These scenarios ranged from 

a linear decrease in calcification rate with a [CO3
2-] of up to 80% for a 40% reduction in 
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Ωcalcite to a parabolic decrease in calcification rate as has been observed in coral species 

(Figure 2.5) (Ilyina et al., 2009).  Ilyina et al. (2009) found that ocean alkalinity stands to 

increase by 5-30 µmol kg-1 compared to present-day values by the year 2300, although 

changes to alkalinity resulting from changes in biogenic calcification won’t start being 

detectable until the year 2040, with the largest predicted changes in surface ocean 

alkalinity in the tropical and subtropical regions.  

 

 
Figure 2.5 – Scenarios of biogenic calcification response to changes in saturation state (Ω). Calcification 
rate dependency on Ω is parameterized by the calcification rate coefficient (r). Arrows indicate changes in 
Ω with respect to preindustrial values (Ilyina et al., 2009, p.3) 

  

The third study was conducted by Gangsto et al. (2011) who carried out a 

sensitivity study using the biogeochemical Bern3D/PISCES model driven by a range of 

CO2 emissions scenarios from the Intergovernmental Panel on Climate Change’s suite of 

Representative Concentration Pathways, with different parameterizations of CaCO3 

production fitted to available laboratory and field data. Results from all model 

configurations showed a decrease in CaCO3 production from approximately 1 Pg C y-1 to 
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between 0.36 and 0.82 Pg C y-1 by the year 2100. Overall, changes in CaCO3 

production/dissolution provided only a small reduction in atmospheric pCO2 of 

approximately 1 to 11 ppm by the year 2100. Although the studies conducted by both 

Ilyina et al. (2009) and Gangsto et al. (2011) provide an indication of how ocean CaCO3 

production and, in turn, alkalinity may change in the coming centuries in response to 

rising [CO2]atm, changes to the deep ocean due to atmospheric changes occur on 

millennial scales and therefore studies examining longer time-scales are required. 

 

2.9 Research in Context 

 The aims of my research are twofold. The first is to make a contribution towards 

model development by incorporating a CaCO3 production rate dependence on calcite 

saturation state in a model in order to allow for more realistic treatment of the biogenic 

calcification response to anthropogenic perturbation. The second is to reduce the 

uncertainty in climate model predictions of the biogenic calcification response to climate 

change and the invasion of anthropogenic CO2 in the world oceans, the resulting changes 

in marine carbon cycling, and the fate of anthropogenic CO2. In this study, I expand on 

the work conducted by Ridgwell et al. (2006), Ilyina et al. (2009) and Gangsto et al. 

(2011) by examining these myriad and interconnected processes on millennial timescales 

using an updated intermediate complexity climate model with an active marine sediment 

component and including the effects of climate change. This will not only allow for the 

analysis of how these processes change while anthropogenic CO2 is emitted but how the 

ocean carbon system recovers after said emissions have stopped and the meridional 

overturning circulation has gone through a full cycle bringing surface waters at the time 
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of peak CO2 emissions down to the deep ocean and back up to the surface. Furthermore, I 

assess the changes to the marine carbon cycle under two CO2 emissions scenarios, a 

“business-as-usual” scenario where atmospheric pCO2 reaches a peak of 860 ppm and a 

“mitigation” scenario where atmospheric pCO2 doesn’t exceed 480 ppm, allowing me to 

quantify the environmental and biogeochemical change that could be avoided were we to 

drastically reduce our dependence on fossil fuels. 
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Abstract 

 
Ocean acidification resulting from increasing anthropogenic carbon dioxide (CO2) 

emissions are likely to impact calcification rates in pelagic organisms which may, in turn, 

lead to changes in the strength of the ocean carbon sink.  However, the responses of 

pelagic calcifying organisms to acidification driven changes vary widely between 

species. This leads to a degree of uncertainty in predicting the future fate of 

anthropogenic CO2 and the resulting climate change. Here, we address this uncertainty by 

introducing a dependence of calcium carbonate (CaCO3) production on calcite saturation 

state (ΩCaCO3) in the University of Victoria Earth System Climate Model, an intermediate 

complexity coupled carbon-climate model. In a series of model simulations, we examine 

the changes in global ocean carbon cycling following both “business-as-usual” and 

“mitigation” CO2 emissions scenarios. By the year 3500, global CaCO3 production rates 

will have decreased by between 0.003 Pg C y-1 and 0.264 Pg C y-1 relative to the standard 

model configuration depending on the sensitivity of calcification rates to ΩCaCO3. This, in 

turn, would result in an atmospheric CO2 drawdown of 0.630 – 59.8 Pg C, a weakening 

of the vertical ocean alkalinity and DIC gradients, and a change to sediment and ocean 

carbon pools of 1.00 – 42.0 Pg C and 0.800 to 70.0 Pg C respectively. These results 

suggest that the response of pelagic calcifying organisms to anthropogenically-driven 

changes in ocean ΩCaCO3 can have an important influence on marine biological carbon 

cycling, leading to changes in carbon partitioning between the ocean and atmosphere on 

millennial timescales.  
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3.1 Introduction 

 Ocean uptake of atmospheric carbon dioxide (CO2) is having a profound effect on 

biochemical cycles and ocean ecosystems. Increased CO2 dissolution in the surface ocean 

leads to a decrease in seawater pH which is defined as the log of the hydrogen ion 

concentration in solution and which falls on a scale of 0 to 14 where a pH < 7 is acidic, a 

pH = 7 is neutral, and a pH > 7 is basic (SCBD, 2009). This, in turn, leads to a decrease 

in carbonate ion concentration ([CO3
2-]), a shoaling of the calcium carbonate (CaCO3) 

saturation horizon and lysocline, and an alteration of CaCO3 stored in deep-sea 

sediments. This process, known as ocean acidification, has the potential to severely 

impact the biological carbon pumps, which influence the vertical alkalinity and dissolved 

inorganic carbon (DIC) gradients in the ocean. This, in turn, would affect the strength of 

the ocean as a carbon sink and, ultimately, the rate and magnitude of global climate 

change.  

 

Biogenic calcification describes the formation of CaCO3 by certain species of 

marine biota that use CaCO3 to create their shells and skeletons (Doney et al., 2009; 

Secretariat of the Convention on Biological Diversity, 2009; hereafter SCBD, 2009). In 

general, the rate of biogenic calcification depends on the saturation state of CaCO3 in the 

surface ocean defined as:  

 

 Ω CaCO3 = [Ca2+][CO3
2-]/K*sp  
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where [Ca2+] is the calcium ion concentration and K*sp is the stoichiometric solubility 

product which is dependent on temperature, salinity, and pressure. Studies have reported 

a decrease in biogenic calcification in response to decreasing calcium carbonate 

saturation state. Furthermore, modeling studies have predicted significant future 

reductions in ocean ΩCaCO3 caused by anthropogenic ocean acidification. This results in 

many areas in the water column, particularly the high-latitude oceans, becoming 

undersaturated with respect to calcite and/or aragonite, two different polymorphs of 

CaCO3 (Caldeira & Wickett, 2005; Orr et al, 2005; Andersson et al., 2006; Lenton & 

Britton, 2006; Cao et al., 2007; Cao & Caldeira, 2008).  

 

Calcifying marine life, such as cocolithophores and foraminifera, may be 

vulnerable to those predicted changes in ΩCaCO3 brought on by ocean acidification (Barker 

et al., 2003; Doney et al., 2009; Gehlen et al., 2007; Hofmann & Schellnhuber, 2009; 

SCBD, 2009; Turley et al., 2005; Tyrell, 2008; Zondervan et al., 2001). However, there 

is large variability in the calcifying response to acidification between species (Doney, 

2009; Doney et al., 2009; Fabry et al., 2008; Guinotte & Fabry, 2008; Riebesell et al., 

2000; Riebesell et al., 2007; Iglesias-Rodriguez et al., 2008). Decreased biogenic 

calcification ultimately leads to an increased ocean uptake of anthropogenic atmospheric 

CO2 and a negative feedback on rising CO2 levels offsetting the decreased ocean CO2 

uptake capacity resulting from acidification (Hofmann & Schellnhuber, 2009; Raven & 

Falkowski, 1999; Zondervan et al., 2001; Feely et al., 2004; Orr et al., 2005; Gehlen et 

al., 2008; Doney et al., 2009; Gangsto et al., 2011); however, the variability in species 
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specific responses introduces a large uncertainty to predictions of how this feedback will 

operate in the future.  

 

 The ocean carbon cycle is clearly a critical component of the Earth system’s 

response to anthropogenic CO2 emissions. The oceans have taken up approximately 30-

40% of anthropogenic CO2 in the last 200 years (Raven & Falkowski, 1999; Feely et al., 

2004; Sabine et al., 2004; Zeebe et al., 2008) with an estimated daily uptake of 6 million 

tons of carbon (Feely et al.,2008). Increased atmospheric CO2 concentrations ([CO2]atm) 

leads to an increase in surface ocean pCO2. This, in turn, decreases [CO3
2-] and ΩCaCO3, 

thereby hindering CaCO3 production and facilitating CaCO3 dissolution. As CaCO3 

production uses up 2 moles of alkalinity and 1 mole of DIC (Gangsto et al., 2011), a 

reduction in production would lead to a greater increase in surface water alkalinity than 

DIC; this, in turn, would result in a decrease in the Revelle factor of the surface ocean 

and a greater oceanic capacity to uptake atmospheric CO2. The Revelle factor, or buffer 

factor, of the ocean describes how the pCO2 of seawater changes for a given change in 

[DIC] and its value is proportional to the ratio of sea surface DIC:alkalinity. As such, the 

ocean capacity to uptake atmospheric CO2 is inversely proportional to the Revelle factor 

(Sabine et al., 2004). Neglecting mineral ballasting, a reduction in calcification may also 

reduce the rain ratio of particulate inorganic carbon to particulate organic carbon 

(PIC:POC) reaching the sediments. This would lead to greater metabolic dissolution of 

sedimentary CaCO3, brought on by the increased organic matter decomposition 

acidifying sediment pore water, further altering of the vertical alkalinity and DIC 

gradients as well as the strength of the ocean as a carbon sink (Barker et al., 2003; Feely 
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et al., 2004; Orr et al., 2005; Riebesell et al., 2007; Wolf-Gladrow et al., 1999; 

Zondervan et al., 2001).  Changes in deep ocean saturation state brought on by the 

invasion of anthropogenic CO2 in the deep ocean can also directly enhance the 

dissolution of CaCO3 in sediments (Lenton & Britton, 2006). This increased dissolution 

of sedimentary CaCO3 adds alkalinity to the ocean thereby reducing sea surface pCO2 

and further stimulating ocean carbon uptake on millennial timescales (Ridgwell & 

Hargreaves, 2007).   

    

Several recent modeling studies have been conducted to examine changes in 

CaCO3 production rates and their effect on the fate of anthropogenic CO2 (Heinze, 2004; 

Andersson et al., 2006; Gehlen et al., 2007; Gangsto et al., 2008).  Despite significant 

research attention, however, estimates of the current rate of global CaCO3 production 

vary widely: from 0.4 to 1.8 Pg C y-1 (Doney et al., 2009). Estimates of the calcification 

response to ocean acidification are even more uncertain. For example, Gangsto et al. 

(2008) simulated a 19% calcification decrease by 2100 in an intermediate complexity 

climate model. In contrast, Andersson et al. (2006) simulated a 90% decrease in 

calcification by 2300, using a box model driven by “business-as-usual” CO2 emissions. 

Much of this variability is attributed to the calcifying species represented in the model, 

most often the cocolithophore Emiliania huxleyi. Consequently, other modeling studies 

have sought to address the inter-species/strain uncertainty in calcification response by 

comparing different calcification response scenarios. These studies have found that 

increased sensitivity of CaCO3 production to changes in ΩCaCO3 resulted in increased sea 

surface alkalinity (Ilynia et al., 2009), increased carbon sequestration, and decreased 
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atmospheric pCO2 (Ridgwell et al., 2006; Gangsto et al., 2011). Although studies agree 

that the calcification-CO2 feedback is relatively small, on a scale ranging from 1 - 17.4 

ppm CO2 (Zondervan et al., 2001; Ridgwell et al., 2006; Gangsto et al., 2011), it still 

contributes uncertainty to climate model predictions. Consequently, it is critical that this 

feedback be properly represented in modeling studies, especially on centennial and longer 

timescales. It is also important to note that most modeling studies addressing the 

calcification-CO2 feedback uncertainty are either conducted on centennial timescales or 

omit deep-sea carbonate sediment dynamics and so longer-term studies using models 

with deep-sea sediment components are required. 

 

 The purpose of this study is to expand on the work of Ridgwell et al. (2006), 

Ilynia et al. (2009), and Gangsto et al. (2011) by: 1) incorporating a CaCO3 production 

rate dependence on ocean calcite saturation state into an intermediate complexity climate 

model; 2) exploring a range of calcification responses, reflecting experimental 

uncertainty in the biogenic calcification response to increasing ocean carbon uptake; and 

3) assessing the resulting impact on the magnitude and direction of future ocean carbon-

climate feedbacks on millennial timescales. We conduct a series of model simulations, 

following two 21st century CO2 emissions scenarios, and continue the simulations until 

the year 3500 following a cessation of anthropogenic CO2 emissions after 2100. These 

response scenarios are compared to the standard version of the model in order to 

determine the impact of changing marine calcification on ocean chemistry and the uptake 

of anthropogenic CO2 on millennial timescales.  
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3.2 Materials & Methods 

3.2.1 Model Description 

The University of Victoria Earth System Climate Model (UVic ESCM) version 

2.9 is an intermediate complexity global climate model with a spherical grid resolution of 

1.8˚ latitude by 3.6˚ longitude. The climate component of the model consists of a 

simplified energy-moisture balance atmospheric model with dynamical feedbacks, 

coupled to a primitive equation three-dimensional ocean general circulation model 

(Modular Ocean Model 2 or MOM2), and a thermodynamic/dynamic sea ice model 

(Weaver et al., 2001). The carbon cycle component of the model is represented by a 

dynamic vegetation model (Top-down Representation of Interactive Foliage and Flora 

Including Dynamics or TRIFFID) (Cox et al., 2001; Meissner et al., 2003), a land surface 

model (a simplified version of the Met Office Surface Exchange Scheme or MOSES) 

(Meissner et al., 2003), an ocean ecosystem/biogeochemical model and an inorganic 

ocean carbon model (Schmittner et al., 2008), and an oxic-only model of ocean sediment 

respiration (Archer, 1996; Eby et al., 2009).  

 

The MOM2 ocean component includes numerous physical parameterizations such 

as diffusive mixing along and between layers of different water density, eddy induced 

tracer transport based on Gent and McWilliams (1990), and the computation of tidally 

induced diapycnal mixing over rough seafloor topography (Simmons et al., 2004).  

Radiocarbon 14C and chlorofluorocarbons (CFCs) are used to track the ocean’s 

ventilation to the atmosphere on decadal to millennial scales (Schmittner et al., 2008). 
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The inorganic carbon cycle model is an Ocean Carbon-Cycle Intercomparison type 

(OCMIP-2) model while the ocean ecosystem/biogeochemical model is a nutrient-

phytoplankton-zooplankton-detritus (NPZD) model based on Schmittner et al. (2005) 

with a fast microbial-induced nutrient recycling parameterization based on Schartau and 

Oschlies (2003).  The NPZD model further includes two kinds of phytoplankton 

(nitrogen fixers and other phytoplankton (Po)), nutrients such as phosphate (PO4) and 

nitrate (NO3), and tracers such as DIC, alkalinity, and oxygen (O2).   

 

The production of CaCO3 in the model is calculated as 

 

Pr(CaCO3) = ((1 – ß)G(Po)Z + µP2P2
o + µzZ2)(PIC*:POC*)RC:P  (6) 

 

where (1 – ß)G(Po)Z  represents the zooplankton grazing of the Po phytoplankton type, 

µP2P2
o represents the mortality of Po phytoplankton, µzZ2 represents zooplankton 

mortality,  (PIC*:POC*), not to be confused with the PIC:POC rain ratio, is the 

production ratio of CaCO3 to particulate organic carbon, and RC:P is the molar elemental 

ratio of carbon to phosphorus. As the vertically integrated CaCO3 (PIC) production in the 

model is parameterized as a fixed ratio of the production of nondiazotrophic detritus 

(POC), the strength of the CaCO3-pump is strongly influenced by the PIC*:POC* 

parameter. The dissolution of CaCO3 in the water column assumes an instantaneous 

sinking of the vertically integrated production (Schmittner et al., 2008) with an e-folding 

depth of 6500m. 
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 Phytoplankton growth rates and microbial remineralization rates in the biological 

carbon cycle component are assumed to increase with increasing temperature (Eppley, 

1972; Schmittner et al., 2008). Consequently, detrital production rates increase with 

increasing temperature as well due to enhanced biological carbon fixation. As CaCO3 

production in the model is parameterized as a fixed ratio of nondiazotrophic detrital 

production (PIC*:POC* parameter in equation 6), CaCO3 production rates tend to 

increase along with detrital production rates in response to increasing sea surface 

temperatures resulting in a stronger vertical ocean alkalinity gradient (Schmittner et al., 

2008). To our knowledge only Schmittner et al. (2008) has previously described this 

“temperature effect” though a similar temperature dependence is expected in other ocean 

ecosystem models that parameterize CaCO3 production as a function of temperature 

dependent primary production (Schmittner et al., 2008). 

 

The marine sediment component consists of 13 layers ranging from a few 

millimeters near the sediment surface to a few centimeters at the bottom of the domain at 

a depth of 10 cm. The penetration depth of POC into the surface sediment mixed layer in 

contact with overlying bottom waters, or “pore layer”, is determined by the balance 

between the respiration rate constant and the sediment-mixing rate. Sediment CaCO3 

dissolution is regulated by the kinetics of diffusion of the dissolved reaction products 

from the sediments to the overlying water while the concentration and burial rates of 

sedimentary CaCO3 are predicted using the PIC:POC rain ratio, dilutant burial rates 

(primarily clay and opal), and the reaction rate laws for both organic carbon and CaCO3 

(Archer, 1996). Only oxic metabolic dissolution of sedimentary CaCO3 is simulated by 
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the sediment component and the effects of suboxic and anoxic metabolism are not 

accounted for (Eby et al., 2009).  

 

It should be noted that the UVic ESCM does not differentiate between the 

different polymorphs of CaCO3 such as aragonite and calcite. Since the model does not 

properly resolve coastal processes where aragonite is produced we focus on the 

dependence of calcification on calcite saturation state only (ΩCaCO3), which is a 

reasonable approximation given that approximately 90% of pelagic calcification is in the 

form of calcite (Fabry, 1990). Furthermore, mineral ballasting, which increases the 

efficiency of POC export to the deep sea, is not represented in the UVic ESCM therefore 

the model assumes an independence of organic and inorganic material fluxes to the deep 

ocean. Finally, for the purposes of this study, we have focused on the production 

dependence on ΩCaCO3, and have not also introduced a dependence of dissolution on 

ΩCaCO3. 

 

3.2.2 Model Experimental Methodology 

 In this study, we present a series of transient model simulations from the year 

1800 to 3500, so as to reasonably cover one full cycle of the oceanic meridional 

overturning circulation. In order to achieve a stable preindustrial climate, all simulations 

were individually integrated for 10 000 model years using fixed preindustrial boundary 

conditions. Transient runs are categorized in two suites of six simulations each. The first 

suite (suite S) was forced by the Intergovernmental Panel on Climate Change’s 

“business-as-usual” SRES A2 CO2 emissions scenario, reaching cumulative CO2 
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emissions of 2166 Pg C by the year 2100. After 2100, emissions were set to zero for the 

duration of the simulations.  The second suite (suite M) was forced by a “mitigation” 

emissions scenario, in which emissions peaked in the year 2020 and decreased to zero in 

year 2100, such that cumulative CO2 emissions were capped at 1000 Pg C.  

 

 Terrestrial weathering of carbonate minerals and rock-bound organic carbon in 

the model is independent of climate change and is either set at a fixed rate or is diagnosed 

from sediment carbon burial. For simplicity, and in order to isolate changes in ocean 

alkalinity due to changes in CaCO3 production from that resulting from fixed terrestrial 

weathering, the net change in terrestrial weathering was set to the net change in 

sedimentary CaCO3 burial (net in (weathering) = net out (sediment CaCO3 burial) in this 

study resulting in a conservation of carbon within the system. 

 

Within each suite (S and M), we carried out six simulations, each with an 

increasing sensitivity of CaCO3 production to changes in ΩCaCO3 (Figure 3.1).  In the 

standard model configuration, CaCO3 production is independent of saturation state and 

the PIC:POC production ratio used in the calculation of CaCO3 production is fixed at a 

value of 0.018. This configuration was used for the “control” simulations S0 and M0 (see 

table 3.1). In the simulations with CaCO3 production-saturation state dependence (S1 to 

S5 and M1 to M5 in Table 3.1), we introduced a Michaelis-Menten function to calculate 

the CaCO3:nondiazotrophic detritus production ratio (PIC:POC) as a function of 

saturation state (Ω): 
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(7) 
 

  

In this relationship, (PIC/POC)max is a specified maximum production ratio, and Kmax is a 

half-saturation constant defining the value of (Ω – 1) for which PIC/POC equals one half 

of (PIC/POC)max (Gehlen et al., 2007).  

 

 
Figure 3.1 – CaCO3:Particulate organic carbon production ratio dependence on calcite saturation state. 

 

Table 3.1 summarizes the values of (PIC:POC)max and Kmax used for each model 

version. We selected values of Kmax ranging from 0.07 to 20 for each scenario in order to 

vary the shape of the PIC:POC vs. ΩCaCO3 function between no PIC:POC- ΩCaCO3 



 

47 

response (scenario 0) to a near linear response (scenario 5), as illustrated in Figure 3.1. In 

order to calibrate each scenario so that the preindustrial PIC:POC production ratio was 

consistent with the unmodified model version (scenario 0), we back-calculated the value 

for (PIC:POC)max in each scenario using the preindustrial sea-surface calcite saturation 

state value of 4.78 from the standard model. In the subsequent transient simulations, 

changes to the PIC:POC production ratio over time brought about by ocean acidification 

varied according to the imposed calcification sensitivities. 

 

Table 3.1 - Summary of Model Run Calibrations 

Scenarios 

Cumulative 
CO2 

Emissions 
by 2100 
 (Pg C) 

Kmax (PIC:POC)max 

 PIC:POC at 
Preindustrial 

Surface 
Ωcalcite 

Preindustrial 
Surface 
Ωcalcite 

S0 

2166 Pg C 
(all S) 

- - 

0.0180 
(all) 

4.78 
(all) 

S1 0.07 0.0183 

S2 0.5 0.0204 

S3 1.5 0.0251 

S4 3 0.0322 

S5 20 0.113 

M0 

1000 Pg C 
(all M) 

- - 

M1 0.07 0.0183 

M2 0.5 0.0204 

M3 1.5 0.0251 

M4 3 0.0322 

M5 20 0.113 
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3.3 Results 

The distribution of CaCO3 production is generally well simulated by the model 

and is broadly consistent with the global distribution of vertically integrated calcite 

production predicted by Gangsto et al. (2008) with low values in both central ocean gyres 

and polar waters and high values in the Indian Ocean and equatorial upwelling zones of 

the eastern Pacific and Atlantic Oceans (Figure 3.2).  

 

 
Figure 3.2 – Modeled distribution of preindustrial sea surface CaCO3 production in the standard model 
version (simulation S0). 

 

The model, however, simulates higher production rates in the central equatorial 

Pacific than the eastern equatorial Pacific compared to the findings of Gangsto et al. 
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(2008) due to the warmer sea surface temperatures predicted by the model in the central 

equatorial Pacific. 

 

With increasing anthropogenic CO2 emissions, the UVic ESCM simulated an 

increase in global ocean carbon uptake, thereby acting as a negative feedback on 

increasing atmospheric CO2 concentrations.  This increased ocean carbon uptake resulted 

in a decrease in surface ocean pH and ΩCaCO3. In the standard version of the model, total 

ocean carbon increased by 522 Pg C by 2100 in response to “business-as-usual” CO2 

emissions (control run S0) resulting in decreases in globally averaged surface pH and 

surface ΩCaCO3 of 0.390 and 2.27 respectively relative to preindustrial conditions. (Figure 

3.3a,c). In control run M0, total ocean carbon increased by 327 Pg C over the same 

timeframe resulting in a decrease in sea surface pH and ΩCaCO3 of 0.170 and 1.14 

respectively relative to preindustrial conditions (Figure 3.3b,d).  In both cases, after CO2 

emissions ceased in the year 2100, atmospheric CO2 concentrations decreased over time, 

resulting in a slow recovery of ocean surface pH and saturation state. For the simulations 

with a calcification-saturation state dependence, the recovery of both pH and saturation 

state occurred slightly faster than in the control simulations. 
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Figure 3.3 – Plot of change in globally averaged surface ocean pH (panels a,b) and calcite saturation state 
(panels c,d) for scenario 0 (yellow), scenario 1 (red), scenario 2 (green), scenario 3 (purple), scenario 4 
(blue), and scenario 5 (pink) under a “business-as-usual” CO2 emissions (panels a,c) and a “mitigation” 
CO2 emissions scenario consisting of 1000 Pg C cumulative emissions (panels b,d) respectively.  

 

In the standard version of the model (S0 and M0), by year 3500 the total sea 

surface CaCO3 production rate increased by 0.142 Pg C y-1 in response to “business-as-

usual” emissions, and by 0.0612 Pg C y-1 in the “mitigation” run. Incorporating CaCO3 

production dependency on ΩCaCO3 to the model, however, had a dramatic effect on the 

response of CaCO3 production rates to increased ocean carbon uptake.  As seen in Table 

3.2 and Table 3.3, in response to the decrease in sea surface ΩCaCO3 brought on by 

anthropogenic CO2 emissions, CaCO3 production rate changes ranged from an increase of 

0.133 Pg C y-1 (24.8%) in S1 to a decrease of 0.122 Pg C y-1 (18.6%) in S5.  Similarly, in 

the “mitigation” runs, total sea surface CaCO3 production rate changes ranged from an 
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increase of 0.0579 Pg C y-1  (10.7%) in M1 to a decrease of 0.0381 Pg C y-1 (5.8%) in 

M5.  In all cases, year 3500 production rates were reduced relative to the control runs (S0 

and M0) as a result of the introduction of a dependency on saturation state (Figure 3.4).
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Table 3.2 - Summary of the change in atmospheric and ocean output for years 1800 – 3500 for Suite S simulations. Values in column S01800 represent absolute 
output in the base model in year 1800. Subsequent columns show differences from 1800 to 3500 for each calcification sensitivity (S0 to S5). 
 
 S01800 S0 3500-1800 S13500-1800  S23500-1800  S33500-1800  S43500-1800  S53500-1800  

CaCO3 Production 
Rate (Pg C y-1) 0.573 0.142 0.133 0.0749 0.0160 -0.0278 -0.122 

CaCO3 Sea Surface 
Export Rate  
(Pg C y-1) 

0.569 0.141 0.132 0.0744 0.0159 -0.0276 -0.121 

Sea Surface 
Alkalinity (Pg C) 175 -5.90 -5.76 -5.13 -4.36 -3.76 -2.44 

Sea Surface DIC  
(Pg C) 152 3.93 4.03 4.46 4.99 5.41 6.31 

Sea Surface pCO2 
(ppmv) 293 320 318 312 306 306 292 

Total Ocean 
Carbon (Pg C) 37321 1108 1112 1127 1143 1155 1178 

Total Atmospheric 
Carbon (Pg C) 602 675 671 658 645 635 615 

Sea Surface Calcite 
Saturation State 4.79 -1.83 -1.82 -1.78 -1.74 -1.70 -1.62 

Sea Surface pH 8.16 -0.290 -0.289 -0.284 -0.279 -0.275 -0.267 
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Table 3.3 - Summary of the change in atmospheric and ocean output for years 1800 – 3500 for Suite M simulations. Values in column M01800 represent absolute 
output in the base model in year 1800. Subsequent columns show differences from 1800 to 3500 for each calcification sensitivity (M1 to M5). 
 
 M01800 M0 3500-1800 M13500-1800  M23500-1800  M33500-1800  M43500-1800  M53500-1800  

CaCO3 Production 
Rate (Pg C y-1) 0.572 0.0612 0.0579 0.0430 0.0222 0.00457 -0.0381 

CaCO3 Sea Surface 
Export Rate  
(Pg C y-1) 

0.568 0.0607 0.0575 0.0427 0.0221 0.00453 -0.0378 

Sea Surface 
Alkalinity (Pg C) 175 -2.60 -2.55 -2.38 -2.12 -1.90 -1.33 

Sea Surface DIC  
(Pg C) 152 1.77 1.80 1.91 2.09 2.23 2.61 

Sea Surface pCO2 
(ppmv) 292 105 105 104 103 102 99.5 

Total Ocean Carbon 
(Pg C) 37321 574 574 577 581 584 592 

Total Atmospheric 
Carbon (Pg C) 602 221 221 219 217 215 210 

Sea Surface Calcite 
Saturation State 4.81 -0.842 -0.838 -0.826 -0.808 -0.793 -0.755 

Sea Surface pH 8.16 -0.119 -0.119 -0.117 -0.116 -0.115 -0.112 
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Figure 3.4 – Plot of the change in total sea surface CaCO3 production rate for control scenario 0 (yellow), 
scenario 1 (red), scenario 2 (green), scenario 3 (purple), scenario 4 (blue), and scenario 5 (pink) under a) a 
“business-as-usual” CO2 emissions scenario (Suite S) and b) under a 1000 Pg C cumulative CO2 emissions 
scenario (Suite M).  
 

In the highest sensitivity simulations (S5 and M5), the simulated reduction in CaCO3 

production rates increased total sea surface alkalinity and DIC relative to the control run 

by 3.46 Pg C and 2.38 Pg C respectively for simulation S5 and by 1.27 Pg C and 0.840 

Pg C respectively for simulation M5. This change in sea surface alkalinity, generated by 

decreased biogenic calcification, offset the overall increase in globally averaged 

atmospheric pCO2 by 28.0 ppmv and 5.38 ppmv in S5 and M5 respectively relative to 

control. Consequently, total ocean carbon at year 3500 was 70.0 Pg C (S5) and 18.2 Pg C 

(M5) higher than the control case, and total atmospheric carbon was 59.8 Pg C (S5) and 

11.5 Pg C (M5) lower. Despite the increased ocean carbon uptake over the duration of the 

simulations, globally averaged surface ocean pH and ΩCaCO3 were greater relative to 

control by 0.0236 and 0.207 respectively for S5 and by 0.00714 and 0.0863 respectively 

for M5, suggesting a small decrease in the Revelle factor at the sea surface associated 

with decreased CaCO3 production.  
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All runs simulated a vertical DIC and alkalinity gradient, due to increasing 

remineralization of POC and dissolution of PIC exported from the surface ocean with 

depth.  In runs S1-S5 (and to a lesser extent in M1-M5), decreased CaCO3 production and 

export rates from the surface to the deep ocean led to weaker vertical gradients of 

alkalinity and DIC with increased concentrations at the surface and decreased 

concentrations at depth (Figures 3.5 and 3.6). The greatest increases in alkalinity and DIC 

occurred in the top 1000 m of the ocean between 60°S and 60°N, particularly in the 

central ocean gyres at 30°S and 30°N, due to both advection and downwelling in those 

areas. Increased alkalinity and DIC was simulated throughout the water column in the 

Arctic Ocean due to the same processes, in addition to a small increase in CaCO3 

production and export from the surface to deeper ocean in that region. Throughout most 

of the ocean, DIC and alkalinity decreased at depth as a result of decreased export 

production, with the largest decreases evident at around 60°S and 45°N. 
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Figure 3.5 – Zonally averaged difference plots relative to control run S0 with respect to DIC for runs S1 to 
S5 (panels a to e respectively) and alkalinity for runs S1 to S5 (panels f to j respectively) in year 3500.  
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Figure 3.6 – Zonally averaged difference plots relative to control run M0 with respect to DIC for runs M1 
to M5 (panels a to e respectively) and alkalinity for runs M1 to M5 (panels f to j respectively) in year 3500.   
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As shown in figure 3.7a, anthropogenic CO2 emissions in the “business-as-usual” 

S simulations led to a shoaling of the calcite saturation horizon to about 2000 m in the 

Arctic Ocean, to 400m in the equatorial region, and to 250m in the high latitude Southern 

oceans. In contrast, in the M simulations (Figure 3.7b), the model did not generate any 

regions of undersaturation with respect to calcite by the year 3500.  In runs S1-S5 (and 

M1-M5), increased alkalinity led to small increases in saturation state at the surface, and 

at depth in the Arctic Ocean, relative to the control runs. The greatest decreases in ΩCaCO3 

occurred at depth, particularly in the equatorial and North Atlantic regions, extending to 

the Antarctic in the S-simulations, which reflect regions of decreased alkalinity relative to 

the control (Figure 3.7c and d). Differences in areas of the ocean where ΩCaCO3 <1 

between S simulations were small although areas of undersaturated water with respect to 

calcite decreased in the deep Arctic and increased in the Southern oceans above 35°S as a 

result of increasing CaCO3 production rate sensitivity to changes in ΩCaCO3.  
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Figure 3.7 – Zonally averaged plots of calcite saturation state in year 3500 for a) simulation S0, b) 
simulation M0, c) S5-S0, and d) M5-M0 for a “business-as-usual” CO2 emissions scenario (panels a,c) and 
a “mitigation”  CO2 emissions scenario consisting of 1000 Pg C cumulative emissions (panels b,d) 
respectively.    
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Table 3.4 - Summary of the change in rain ratio and sediment output for years 1800 – 3500 for Suite S simulations. Values in column S01800 represent absolute 
output in the base model in year 1800. Subsequent columns show differences from 1800 to 3500 for each calcification sensitivity (S0 to S5).. 

 S01800 S0 3500-1800 S13500-1800  S23500-1800  S33500-1800  S43500-1800  S53500-1800  

Rain Ratio 
Reaching 
Sediments  
(PIC:POC) 

1.25 0.220 0.212 0.181 0.144 0.117 0.0605 

Total Sediment 
Pore Layer CaCO3 
(Pg C) 

1095 -31.7 -30.9 -37.3 -46.4 -54.2 -69.6 

CaCO3 Buried in 
Sediments (Pg C) 137104 216 212 201 189 183 174 
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Table 3.5 - Summary of the change in rain ratio and sediment output for years 1800 – 3500 for Suite M simulations. Values in column M01800 represent absolute 
output in the base model in year 1800. Subsequent columns show differences from 1800 to 3500 for each calcification sensitivity (M0 to M5)... 

 M01800 M0 3500-1800 M13500-1800  M23500-1800  M33500-1800  M43500-1800  M53500-1800  

Rain Ratio 
Reaching 
Sediments  
(PIC:POC) 

1.25 0.0998 0.0977 0.0869 0.0716 0.0591 0.0316 

Total Sediment 
Pore Layer CaCO3 
(Pg C) 

1095 -20.6 -18.8 -19.9 -21.0 -21.2 -21.2 

CaCO3 Buried in 
Sediments (Pg C) 137104 216 217 218 223 229 249 
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In the control runs, the PIC:POC rain ratio reaching the ocean sediments increased over 

time as a result of the invasion of anthropogenic carbon and increased CaCO3 production 

rates (by 0.220 in S0 and by 0.0998 in M0 – see Tables 3.4 and 3.5).  In contrast, 

decreased CaCO3 production and export in runs S1-S5 (and M1-M5) resulted in a 

decrease in the PIC:POC rain ratio reaching marine sediments, relative to the control 

runs, resulting in an overall reduction of CaCO3 in the sediment pore layer (Tables 3.4 & 

3.5). Relative to control, the globally averaged sediment rain ratio was 0.159 smaller at 

3500 in S5 (Figure 3.8a) and 0.0682 smaller at 3500 in M5 (Figure 3.8d).  

 

In all runs, increased sediment dissolution led to a decrease over time in the total 

CaCO3-carbon in the sediment pore layer (Figure 3.8b and e).  This decrease was 

enhanced at 3500 by 37.9 Pg C in S5 (Figure 3.8b) and by 0.540 Pg C in M5 (Figure 

3.8e) as a result of the decreased rain ratio relative to the control runs. Changes also 

occurred in the deeper ocean sediments below the pore layer, the largest of the oceanic 

carbon reservoirs. In the S simulations, the mass of CaCO3 sequestered in deeper 

sediments decreased by up to 42.0 Pg C relative to control (Figure 3.8c), but, in the M 

simulations, CaCO3 sequestered in deeper sediments showed a different trend and 

increased by up to 33.0 Pg C relative to control (Figure 3.8f) due to less ocean 

acidification and less invasion of anthropogenic CO2 to the deeper ocean compared to the 

S scenarios.  



 

63 

 
Figure 3.8 – Plots of the change in globally averaged sediment rain ratio (panels a,d), total CaCO3-carbon 
in the sediment pore layer (panels b,e), and total CaCO3 buried in deeper marine sediments (panels c, f) 
under a “business-as-usual” CO2 emissions scenario (panels a,b,c) and a “mitigation”  CO2 emissions 
scenario consisting of 1000 Pg C cumulative emissions (panels d,e,f) respectively for control scenario 0 
(yellow), scenario 1 (red), scenario 2 (green), scenario 3 (purple), scenario 4 (blue), and scenario 5 (pink). 

 



 

64 

3.4 Discussion 

Our analysis of a range of different sensitivities of CaCO3 production rates to changes in 

ΩCaCO3 under two different CO2 emissions scenarios has yielded three main findings. 

First, including a CaCO3 production-ΩCaCO3 dependency in the model led to large 

decreases in biogenic calcification with potentially important consequences for marine 

ecosystems. Second, these changes in calcification led to an enhancement of ocean 

carbon uptake providing a negative feedback on rising anthropogenic atmospheric CO2. 

Third, increasing the sensitivity of the modeled CaCO3 production-ΩCaCO3 relationship to 

reflect a range of calcification responses to ocean acidification leads to a small shift in 

carbon partitioning between atmosphere, ocean, and marine sediments and a weakening 

of the vertical alkalinity and DIC gradients. These findings suggest that despite the 

overall changes in atmospheric, ocean, and marine sediment carbon reservoirs being 

small, not including a ΩCaCO3 dependency on CaCO3 production or taking into account 

the different responses of calcifying marine life to acidification would nevertheless add a 

source of error and uncertainty to model predictions. 

 

The decrease in 22nd century surface ocean pH predicted by the UVic ESCM of 

0.390 (representing nearly a 4-fold increase in hydrogen ions) is comparable with the 0.3 

– 0.5 drop by 2100 predicted by Caldeira & Wickett (2005) under any of the SRES CO2 

emissions. This lends further credence to the concerns held by the scientific community 

regarding dangerous levels of ocean acidification unless anthropogenic CO2 emissions 

are curtailed (SCBD, 2009). This is further highlighted by the much smaller changes in 

ocean pH of up to 0.170 pH units predicted under the “mitigation” CO2 emissions 
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scenario (M simulations) where emissions were capped. Though the resulting change in 

ΩCaCO3 predicted by the model resulted in discreet zones of undersaturated waters with 

respect to calcite in the “business-as-usual” S simulations and none in the “mitigation” M 

simulations (as evidenced in Figure 3.7), it is important to note that these results are 

zonally averaged. Consequently, areas in the water column with ΩCaCO3 slightly less than 

1 are averaged out and are not evident in the zonally averaged plots. Nevertheless, the 

greater degree of undersaturation with respect to calcite in the “business-as-usual” CO2 

emissions scenario (S simulations) relative to the “mitigation” CO2 emissions scenario 

(M simulations) supports previous findings of significant areas of CaCO3 undersaturation 

in the water column when pCO2 exceeds 600 ppmv (Orr et al., 2005; Cao & Caldeira, 

2008). 

 

The increase in simulated CaCO3 production rates in runs S0 and M0 with 

increasing atmospheric pCO2 is the result of the temperature effect on detritus 

production. The UVic ESCM treats CaCO3 production as a fraction of the 

nondiazotrophic detritus production although differences in remineralization and 

dissolution between CaCO3 and detritus respectively are accounted for. As phytoplankton 

growth rates and detritus remineralization rates are temperature dependent in the model, 

warmer sea surface temperatures result in increased nutrient recycling in the euphotic 

zone which, in turn, result in increased primary production and detritus production. 

Consequently, in the absence of the ΩCaCO3-effect (runs S0 and M0), CaCO3 production 

increases proportionally with detritus production (Schmittner et al., 2008). In scenarios 1 

and 2, the sensitivity of CaCO3 production rates to changes in ΩCaCO3 was not high 
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enough to counteract this temperature effect so, although reduced relative to control, 

CaCO3 production rates in these scenarios increased between years 1800 and 2100 

despite increasing ocean acidification. In scenarios 3 – 5, however, the sensitivity of 

CaCO3 production rates to changes in ΩCaCO3 was high enough to counteract this 

temperature effect resulting in decreases in CaCO3 production rates between years 1800 

and 2100. This temperature effect also explains the higher preindustrial CaCO3 

production rates in the warmer central Pacific relative to the cooler eastern Pacific shown 

in Figure 3.3. 

 

The modern CaCO3 production rate of 0.6 Pg C y-1 predicted in the standard 

version of the model falls within the estimates of 0.6 -1.6 Pg C y-1 based on satellite and 

sediment trap data and of 0.4 – 1.8 Pg C y-1 based on model predictions (Doney et al., 

2009). As the CaCO3 pump representation in the UVic ESCM is fairly crude (with no 

distinction between the different polymorphs of CaCO3), it is difficult to make direct 

comparisons with the wide range of experimental results in the literature, particularly 

when experimental set-ups often differ greatly between studies (i.e. CO2 forcings, model 

complexity, processes included/excluded, etc.). Nevertheless, broad parallels can still be 

drawn. In general, studies agree that increasing anthropogenic CO2 emissions lead to a 

reduction in CaCO3 production rates (Andrersson et al., 2006; Gangsto et al., 2008; 

Gangsto et al., 2011; Gehlen et al., 2007; Heinze, 2004; Ridgwell et al., 2006; SCBD, 

2009). As previously stated, only the more sensitive calcification scenarios (S3-S5 and 

M3-M5) followed this decreasing trend in our simulations. The CaCO3 production rate 

reduction of 20% for the year 2100 in run S4 is comparable to the 19% reduction in 
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CaCO3 production rates simulated by Gangsto et al. (2008) for the year 2100 using the 

PISCES model, a model of similar complexity to the UVic ESCM, following the same 

“business-as-usual” CO2 emissions scenario. This suggests that the standard model 

configuration (scenario 0) as well as scenarios 1 and 2, with weaker CaCO3 production 

rate-ΩCaCO3 dependencies, are not consistent with experimental data or other model 

results such as (but not limited to) those of Riebesell et al. (2007) and Gangsto et al. 

(2011) respectively. 

 

An important consequence of changing CaCO3 production rates is the 

redistribution of carbon amongst the atmospheric, ocean, and sediment reservoirs with 

the magnitude of this redistribution increasing with decreasing CaCO3 production rates. 

In all simulations, decreasing CaCO3 production rates resulted in greater carbon uptake 

by the ocean and reduced carbon in the atmosphere. Between years 1800 and 3500, 

atmospheric pCO2 only decreased by 2 - 28 ppmv in runs S1 – S5 (and by 0.3 – 5 ppmv 

in runs M1 – M5)  relative to control, which supports the conclusions of Barker et al. 

(2003), Heinze et al. (2004), Gehlen et al. (2007) that the CO2-CaCO3 climate feedback 

is small. It is interesting to note that in all cases, ocean carbon increased more than the 

decrease in atmospheric carbon content. This extra carbon absorbed by the ocean actually 

originates in the terrestrial carbon pool, which lost said carbon to the atmosphere in 

response to climate warming. This suggests that the negative CO2-CaCO3 climate 

feedback may be weaker than would be suggested by simulations, which do not include 

an active terrestrial carbon component.  

 



 

68 

With the organic carbon pump remaining relatively unaffected by calcification 

changes, the changes in the simulated vertical DIC gradient relative to control can be 

attributed to changes in the export of surface ocean CaCO3 to the deep ocean and the 

resulting lower PIC:POC rain ratios. The largest changes in surface alkalinity occur in the 

subtropical and tropical regions of the globe as in Ilynia et al. (2009), but, despite 

increases in surface alkalinity and reductions in CaCO3 sediments there was little change 

in total ocean alkalinity in any runs relative to the standard model configuration. This 

suggests that changes in alkalinity in this study were the result of redistribution rather 

than net changes in net ocean alkalinity. This is expected considering that, with the 

terrestrial weathering rate of carbonate minerals equal to the net sediment CaCO3 burial 

rate, the increases in surface alkalinity and the minute increases in total ocean alkalinity 

from reduced sediment sequestration relative to control are still very small compared to 

the total ocean alkalinity pool. Although, realistically, terrestrial weathering rates 

increase with climate change, the time-frame of our study is only 1700 years; given 

published estimates of the timeframe for the weathering of terrestrial CaCO3 minerals and 

ocean carbonate compensation of  >>1700 yrs (Lenton & Britton, 2006; Ridgwell & 

Hargreaves, 2007), increased terrestrial alkalinity input to the ocean and significant 

CaCO3 sediment dissolution would only start to be noticeable. 

 

The downward flux of CaCO3 from the sediment pore layer followed the same 

pattern as CaCO3 production rates seen in the S simulations and decreased relative to 

simulation S0 with greater sensitivity of CaCO3 production to ΩCaCO3. Consequently, the 

decrease in rain ratio contributed to both a reduction of CaCO3 in the pore-layer and 
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decreased accumulation of CaCO3 in deeper sediments. By contrast, the model simulated 

a much smaller decrease in pore-layer CaCO3 in the M simulations, and an increase in the 

accumulation of buried CaCO3 in runs M1-M5 relative to control M0. Barring 

anthropogenic interference, the natural trend for the deep sediment carbon reservoir is to 

increase as CaCO3 export from the surface region ultimately leads to an accumulation of 

CaCO3 deposited on the sea floor and buried in sediments. In the M simulations, 

increasing sensitivity of CaCO3 production rates to ΩCaCO3 led to faster recovery of 

ΩCaCO3, pH, and sea-surface CaCO3 production/export, which led to increased CaCO3 

burial, despite the opposing influence of decreased rain ratio. Consequently, CaCO3 in 

the pore-layer is still slightly decreased relative to control due to a smaller rain ratio but 

the net burial of CaCO3 in deeper sediments increased with increasing sensitivity of 

CaCO3 production to ΩCaCO3 relative to run M0. 

  

We have shown here that representing different biogenic calcification responses 

in coupled climate model predictions causes small but nevertheless important changes in 

marine carbon cycling which, in turn, alters the fluxes between and the magnitudes of the 

different carbon reservoirs of the Earth system. The changes in CaCO3 production rates 

between simulations for years 1800 - 3500 range from increases of 24.8% and 10.7% for 

runs S0 and M0 respectively to decreases of 18.6% and 5.81% for runs S5 and M5 

respectively. This wide range clearly illustrates the importance of choosing an optimal 

sensitivity for CaCO3 production rates to changes in ΩCaCO3.  Further research is required 

in order to determine what model configuration best represents the variability in 
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calcification response between different species and strains of calcifiers, thereby further 

reducing this inherent uncertainty in model predictions of future climate change. 

 
 
3.5 Conclusion 

 Ocean acidification brought on by increasing anthropogenic CO2 emissions has 

been a growing concern in the scientific community. Its impact on calcifying marine life, 

which shows high inter-species variability, and the subsequent changes to marine carbon 

biogeochemical cycling lends a degree of uncertainty to climate model predictions of 

future climate change and the fate of anthropogenic CO2. A number of modeling studies 

have attempted to address this uncertainty by assessing a range of biogenic calcification 

responses to changes in CaCO3 saturation state rather than by relying on the 

representation of a single calcifying species as is commonly found in models of the ocean 

carbon cycle (Ridgwell et al. 2006, Ilynia et al. 2009, Gangsto et al. 2011). Our research 

has applied a broadly similar approach by implementing a new dependence of CaCO3 

production rates on calcite saturation state to a coupled carbon-climate model. We used 

six model scenarios: one control scenario where CaCO3 production rates remained 

independent of saturation state and five calcification response scenarios with increasing 

sensitivity of production rates to saturation state changes. These scenarios were forced by 

two different CO2 emissions scenarios allowing us to assess the differences in carbon 

partitioning between the various reservoirs, alkalinity and dissolved inorganic carbon 

distribution, and the strength of the ocean carbon sink. 
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 By developing the UVic ESCM’s representation of the marine CaCO3 cycle and 

assessing a range of calcification scenarios, we have shown that including a CaCO3 

production-ΩCaCO3 dependency in the model leads to reduced CaCO3 production rates 

with increasing atmospheric CO2. This, in turn, leads to a small shift in carbon 

partitioning between atmosphere, ocean, and marine sediments relative to the respective 

sizes of the reservoirs and a weakening of the vertical ocean alkalinity and DIC gradients. 

Ocean carbon uptake, for example, is enhanced by reduced calcification thereby acting as 

a small negative feedback on rising anthropogenic atmospheric CO2. Between the years 

1800-3500, CaCO3 production rates decreased by up to 18.6% under a “business-as-

usual” scenario with cumulative CO2 emissions of 2166 Pg C and by up to 5.81% forced 

by a “mitigation” scenario with cumulative CO2 emissions of 1000 Pg C. By contrast, in 

the control runs without a CaCO3 production-ΩCaCO3 dependence, calcification rates 

increased over the same time period by 24.8% in “business-as-usual” scenario and by 

10.4% in the “mitigation” scenario due to sea surface warming.  

 

The resulting increases in ocean carbon uptake of up to 70.0 Pg C and 18.2 Pg C 

led to reductions in atmospheric pCO2 of up to 28.2 ppmv and 5.41 ppmv for the 

“business-as-usual” and “mitigation” scenarios respectively, suggesting an increasing 

negative feedback on atmospheric CO2 with increasing CaCO3 production-ΩCaCO3 

sensitivity. Alkalinity and DIC generally increased at the surface and decreased with 

depth with changes in ΩCaCO3 resulting in most of the water column in the southern 

oceans poleward of 35ºS becoming undersaturated with respect to calcite by the year 

3500. This result supports the growing body of evidence in the literature that the southern 
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oceans are one of the most sensitive marine regions to anthropogenic perturbation and 

will show the greatest changes in calcite saturation state in response to ocean 

acidification. Additionally, reductions in CaCO3 production rates led to a small decreases 

in the PIC:POC rain ratio to the sediments, overall decreases in CaCO3 in the sediment 

mixed layer and, in the “business-as-usual” scenario, resulted in decreased carbon 

sequestration in the marine sediment carbon pool of up to 42.0 Pg C. Carbon 

sequestration in the “mitigation” scenario, however, increased with increasing CaCO3 

production-ΩCaCO3 sensitivity providing yet another example of the benefits of curtailing 

our fossil fuel dependency.  

 

Based on preliminary development of the UVic ESCM CaCO3 component and our 

subsequent analysis of a range of biogenic calcification responses, we suggest that 

although the negative CO2-calcification feedback is small, the effect of the CaCO3 

production-ΩCaCO3 relationship on the marine carbon cycle is still far-reaching and 

nevertheless provides a source of uncertainty in model predictions of future climate 

change. Given ongoing efforts to curtail cumulative anthropogenic CO2 emissions, proper 

representation of long-term carbon-cycle processes in models grows ever more important 

in order to predict the millennial-scale legacy of current and future CO2 emissions. 
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Chapter 4. Conclusion 

 Increasing concentrations of atmospheric carbon dioxide ([CO2]atm) resulting from 

anthropogenic CO2 emissions has been shown to lead to ocean acidification and sea 

surface warming which, in turn, impact the biogeochemical cycling of carbon in the 

ocean and, ultimately, impact [CO2]atm thus forming a feedback loop.  Ocean acidification 

reduces the ΩCaCO3 leading to reduced CaCO3 production and export rates. This, in turn, 

resulted in increased sea surface alkalinity and DIC concentrations, reduced PIC:POC 

rain ratios, increased ocean carbon uptake, and changes to sedimentary CaCO3.  Most 

models of the ocean carbon cycle use only one representative group of calcifying species. 

This, however, leads to a degree of uncertainty in model predictions as studies have 

shown that the calcification response to ocean acidification varies widely from species to 

species and even between different strains of the same species. A number of modeling 

studies have attempted to address this uncertainty (Ridgwell et al. 2006, Ilynia et al. 

2009, and Gangsto et al. 2011) and their results have highlighted the need for more 

developed models of the marine carbon cycle. 

 

 My research is a contribution to the development of the representation of CaCO3 

in the UVic ESCM, an intermediate complexity coupled carbon-climate model. I have 

introduced a negative calcification-CO2 feedback by implementing a dependency of 

CaCO3 production rates on calcite saturation state, which observations have indicated 

shows a decreasing trend with increasing anthropogenic CO2 emissions. The model was 

then run through a series of simulations running from the year 1800 to the year 3500 and 

forced by two 21st century CO2 emissions scenarios. The control calcification scenarios 
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were represented by the standard version of the model where CaCO3 production rates 

remained independent of CaCO3 saturation state; the remaining five experimental 

simulations spanned a range of different calcification sensitivities to changes in saturation 

state. This allowed me to assess how different representative calcification responses and 

atmospheric CO2 levels would affect alkalinity, dissolved inorganic carbon, and 

saturation state, as well as the magnitude of both the CO2-calcification feedback and 

carbon partitioning between the various Earth system reservoirs.  

 

My research has yielded three main findings. First, including a CaCO3 

production-ΩCaCO3 dependency in the model led to large decreases in biogenic 

calcification rates. Second, these reductions in calcification enhanced ocean carbon 

uptake thereby providing a negative feedback on rising anthropogenic atmospheric CO2. 

Third, increasing the sensitivity of the modeled CaCO3 production-ΩCaCO3 relationship to 

reflect a range of calcification responses to ocean acidification led to a small shift in 

carbon partitioning between atmosphere, ocean, and marine sediments and a weakening 

of the vertical alkalinity and DIC gradients. Although the reported changes in carbon 

partitioning between the atmospheric, terrestrial, ocean, and marine sediment reservoirs 

were small relative to the size of each respective reservoir, they nevertheless add 

uncertainty to model predictions that requires addressing. Improving the model’s 

representation of CaCO3 cycle processes will provide more dependable predictions of 

future climate change, marine carbon cycling, and the fate of anthropogenic CO2. 
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 This study has also highlighted several opportunities for further research. In this 

thesis project, I focused on the implementation of a CaCO3 production- ΩCaCO3 

dependency.  An important next step would be to also implement a ΩCaCO3-dependency 

on the dissolution of CaCO3 exported from the surface layer to the deeper ocean. Such a 

dependency might further alter the vertical DIC and alkalinity gradients as well as the 

magnitude of the CaCO3-CO2 feedback. Most importantly, however, this would permit 

the UVic ESCM to differentiate between the different CaCO3 polymorphs such as calcite 

and aragonite. Another opportunity would be to incorporate mineral ballasting into the 

model as it would not only alter the predicted DIC gradient but this process has the 

potential to increase the sea surface Revelle factor thereby offsetting the negative CO2-

CaCO3 feedback on [CO2]atm. Further development of the terrestrial weathering process is 

also required in order to make terrestrial weathering dependent on climate change. 

Including this process would have a significant impact on ocean alkalinity, sediment 

CaCO3 burial/dissolution, and the buffering capacity of the ocean. It would also be 

interesting to explore a wider range of anthropogenic CO2 emissions scenarios, and to 

extend the time-frame of simulations to cover another several millennia into the future.  

Time and computational constraints preclude these steps within the scope of this project, 

but could potentially allow for the exploration of additional processes and feedbacks, 

particularly terrestrial weathering and calcium carbonate compensation, which become 

increasingly important on longer time scales that those considered here.  

 

 Although this study highlights the importance of model development it joins other 

studies in the literature in raising an important question. I have shown here that modeling 
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different calcification sensitivities to changes in CaCO3 saturation state has small yet 

numerous impacts on atmosphere-ocean-sediment dynamics. However, it remains to be 

determined what model configuration best represents the variability in calcification 

response between different species and strains of calcifiers in order to reduce this 

inherent uncertainty in model predictions of future climate change. This merits further 

research and suggests that yet more advances in carbon-climate model development is 

required. 
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